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ABSTRACT

Observed variations of convective available potential energy (CAPE) in the current climate provide one useful
test of the performance of cumulus parameterizations used in general circulation models (GCMs). It is found
that frequency distributions of tropical Pacific CAPE, as well as the dependence of CAPE on surface wet-bulb
potential temperature (Qw) simulated by the Goddard Institute for Space Studies’s GCM, agree well with that
observed during the Australian Monsoon Experiment period. CAPE variability in the current climate greatly
overestimates climatic changes in basinwide CAPE in the tropical Pacific in response to a 28C increase in sea
surface temperature (SST) in the GCM because of the different physics involved. In the current climate, CAPE
variations in space and time are dominated by regional changes in boundary layer temperature and moisture,
which in turn are controlled by SST patterns and large-scale motions. Geographical thermodynamic structure
variations in the middle and upper troposphere are smaller because of the canceling effects of adiabatic cooling
and subsidence warming in the rising and sinking branches of the Walker and Hadley circulations. In a forced
equilibrium global climate change, temperature change is fairly well constrained by the change in the moist
adiabatic lapse rate and thus the upper troposphere warms to a greater extent than the surface. For this reason,
climate change in CAPE is better predicted by assuming that relative humidity remains constant and that the
temperature changes according to the moist adiabatic lapse rate change of a parcel with 80% relative humidity
lifted from the surface. The moist adiabatic assumption is not symmetrically applicable to a warmer and colder
climate: In a warmer regime moist convection determines the tropical temperature structure, but when the climate
becomes colder the effect of moist convection diminishes and the large-scale dynamics and radiative processes
become relatively important. Although a prediction based on the change in moist adiabat matches the GCM
simulation of climate change averaged over the tropical Pacific basin, it does not match the simulation regionally
because small changes in the general circulation change the local boundary layer relative humidity by 1%–2%.
Thus, the prediction of regional climate change in CAPE is also dependent on subtle changes in the dynamics.

1. Introduction

Predictions of the magnitude and spatial distribution
of climate change depend on the parameterization of
poorly understood small-scale processes that determine
the nature of climate feedbacks and changes in the gen-
eral circulation. The role of moist convection, which
transports heat and moisture vertically, is central to an
understanding of climate change, yet doubts persist
about the ability of current general circulation models
(GCMs) to represent the effects of this process. For a
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variety of reasons, it is desirable to know whether con-
vection will be stronger or weaker as climate changes.
The answer may depend on one’s definition of convec-
tion ‘‘strength,’’ for example, updraft velocity, mass
flux, convection depth, or convective heating. But as a
first step, it would be useful to validate parameters re-
lated to such indices of convection intensity.

A widely used thermodynamic variable associated
with convection onset and strength is convective avail-
able potential energy (CAPE), which is the vertical in-
tegral of parcel buoyancy between the level of free con-
vection and level of neutral buoyancy. Physically, CAPE
measures the maximum kinetic energy per unit air mass
achievable by the convection of moist air from the sub-
cloud layer, assuming undiluted ascent, and thus gives
an upper limit to the cumulus updraft vertical velocity.
The relationship between CAPE and convection is qual-
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FIG. 1. (a) Observed frequency distribution of CAPE in Darwin, Australia, for pseudoadiabatic ascent from 1000 mb without ice freezing
adapted from Williams and Renno (1993). (b) As in (a) but for GCM simulation with complete cumulus parameterization. (c) As in (b) but
for convective adjustment time being increased from 1 to 3 h. (d) As in (b) but with convective downdraft eliminated. (e) As in (b) but for
parcels lifted from the first GCM layer. (f ) As in (e) but CAPE is calculated with reversible moist adiabatic process.

itatively indicated by the positive correlation between
observed parcel buoyancies and updraft velocities in
oceanic convection, although it apparently cannot ex-
plain observed land–ocean differences in cumulus up-
draft strength (Lucas et al. 1994a,b). Realistic simula-
tion of CAPE variations in a GCM is thus one important
test (but not the only one) of the fidelity of its cumulus
parameterization’s closure assumption and transport
mechanisms.

In light of the ability of CAPE to constrain the de-
velopment of convective systems, questions related to
the understanding of the behavior of convection in as-
sociation with a climate change can be partially ad-
dressed by understanding how CAPE changes in a cli-

mate change. In this regard, the linear relationship be-
tween CAPE and surface wet-bulb potential temperature
observed during Australian Monsoon Experiment
(AMEX) periods (Williams and Renno 1993) has been
interpreted to suggest an increase in CAPE in response
to a climate warming due to anthropogenic emission of
greenhouse gases; however, whether climate change of
CAPE in the real world can be inferred from the patterns
of variations in the current climate is unknown. In this
paper, we use simulations with the Goddard Institute for
Space Studies (GISS) GCM to address the following
questions: 1) Why does CAPE vary linearly with surface
temperature on short timescales? 2) How does the
CAPE–surface temperature relationship vary under dif-
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FIG. 1. (Continued)

ferent background conditions? 3) Is it possible to predict
climate changes in CAPE based on its variability in the
current climate? If not, can we use the GCM to develop
a way to predict the sign and order of magnitude of
climatic CAPE change?

Uncertainty in the estimate of CAPE is associated
with the assumption about the microphysical processes
taking place when moist air rises. Traditionally, it is
assumed that rising cloud parcels follow an irreversible
pseudoadiabatic process with the condensed cloud drop-
lets instantaneously falling out of the clouds; this meth-
od gives an upper-bound estimate of CAPE. Betts (1982)
and Xu and Emanuel (1989) include the effect of all
liquid water condensate in determining cloud virtual
temperature so that the rising air parcels follow a re-
versible adiabatic process. The defect of this method is

that it is strictly only suitable for nonprecipitating sys-
tems, and most tropical cloud clusters precipitate heavi-
ly. Williams and Renno (1993) point out that in the
mixed phase region ice freezing may release an addi-
tional amount of latent heat, which is ordinarily not
counted in either of the two other definitions of CAPE.
It is interesting that CAPE calculated from the reversible
adiabat with ice freezing is comparable in magnitude to
CAPE evaluated from the pseudoadiabat. In this study,
all three methods for estimating CAPE will be used to
understand whether our results are dependent on the
microphysical assumption.

The model used in this study is in most respects iden-
tical to the model II version of the GISS GCM (Hansen
et al. 1983), run at 48 3 58 horizontal resolution with
nine vertical levels and a prescribed sea surface tem-
perature (SST). The lowest two GCM levels are located
at 959 and 894 mb, respectively; the first model layer
is 50 mb thick, comparable to the depth of the tropical
oceanic boundary layer. The dynamic time step is 7.5
min and the convective adjustment time is 1 h. The
GCM version we use here includes an updated mass
flux cumulus parameterization (Del Genio and Yao
1993), a prognostic cloud water budget parameterization
for stratiform clouds (Del Genio et al. 1996), and several
other changes described in that paper. The GCM uses
a cloud-base neutral buoyancy closure assumption,
which is sufficient to produce quasi-equilibrium varia-
tions of boundary layer relative humidity and tropo-
spheric lapse rate (Yao and Del Genio 1989). The clo-
sure assumption determines the mass flux in such a way
that after convection the cloud base is restored to be
neutrally stable with respect to the next higher level. To
simulate the spectrum of cumulus cloud tops, the con-
vection scheme produces two convective plumes for
each cloud-base level. The plumes are differentiated by
entrainment rate; one is undilute—mimicking a con-
vective core—and the mass flux in the other grows frac-
tionally with height at an entrainment rate of 0.2 km21.
The nonentraining plume receives a fraction of the total
cloud-base mass flux given by the large-scale conver-
gence at cloud-base. The convection parameterization
includes a representation of convective downdrafts that
cool and dry the boundary layer (Del Genio and Yao
1988). For convective events penetrating more than two
levels above cloud base, we simply test as the plume
rises for the first level at which an evaporatively cooled
equal mixture of cloud and environmental air is nega-
tively buoyant. If such a level is found, a downdraft
forms there with the properties of the mixture. The
downdraft mass flux is specified to be one-third the
updraft mass flux. These features suggest that the GISS
GCM may be a suitable model for investigating CAPE
variations. In all of the results presented from sections
2 to 5, CAPE is computed using the irreversible pseu-
doadiabatic assumption, unless a specific indication to
the contrary is made.
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FIG. 2. CAPE (J kg21) vs Qw (8C) simulated by the GISS GCM at
Darwin for pseudoadiabatic ascent without ice freezing.

TABLE 1. Averaged dCAPE/duw (J kg21 8C21) observed among the
12 stations in AMEX (Williams and Renno 1993) and simulated by
the GISS GCM in the southwest Pacific (1108E–1608E, 08–208S). For
observations, E1 is the error in dCAPE/duw induced by the random
error in measuring CAPE, which is about 400 J kg21 and E2 is the
error due to the scatter of data points in a linear regression.

Region dCAPE/duw E1 E2

Observations
GCM

12 stations in AMEX
1108–1608E, 08–208S

1039
1052

29
0

19
19

2. Dependence of CAPE on surface wet-bulb
potential temperature

CAPE is affected by all physical processes that alter
the vertical thermodynamic structure: convection, large-
scale dynamics, radiation, and surface fluxes. It is cal-
culated by the following formula:

LNB

CAPE 5 R (T 2 T ) d LnP,E d vc ve

LFC

where Tve and Tvc are the virtual temperatures of the
environment and cloud parcels lifted from a specified
level, respectively; Rd is the gas constant; P is pressure;
LFC is the level of free convection; and LNB is the
level of neutral buoyancy. Observations from field ex-
periments such as the GARP (Global Atmospheric Re-
search Program) Tropical Atlantic Experiment and
AMEX have provided helpful information about the dy-
namic and thermodynamic structure in tropical convec-
tive regions. Analyses of radiosonde data have disclosed
a linear relationship between CAPE and surface wet-
bulb potential temperature Qw in these regions (Williams
and Renno 1993). To evaluate the ability of the GISS
GCM to simulate the CAPE–Qw relationship, hourly
temperature and moisture values from the model are
produced to compute CAPE and Qw. It is found that the
GISS GCM produces a frequency distribution of CAPE
(assuming for now parcels lifted from the surface, for
comparison with the observations) that is quite close to
that observed by Williams and Renno at Darwin, Aus-
tralia, in both mean value and distribution shape (Figs.
1a,b), given the observational uncertainty of approxi-
mately 400 J kg21. The GISS GCM also produces a
realistic linear relationship between CAPE and Qw in

the surface layer (Fig. 2). The GCM simulated mean
slope (dCAPE/dQw) in the southwestern tropical Pacific
(1108–1608E, 08–208S) agrees well with that averaged
over the 12 stations sampling the same area in AMEX
(Table 1); the difference is within the range of the ob-
servational error and the error of the linear regression.
Our simulated sensitivity of CAPE to change in Qw is
also consistent with a recent analysis of Comprehensive
Ocean–Atmosphere Data Set and microwave sounding
unit data for the global tropical oceans that argues
against the concept of ‘‘strict’’ quasi-equilibrium
(Brown and Bretherton 1997).

To estimate how sensitive the results are to assump-
tions inherent in the convection parameterization
scheme, we conducted two experiments. In one, the con-
vective adjustment time is increased from 1 to 3 h, which
is equivalent to reducing the cumulus mass flux to be
one-third of that diagnosed by the closure assumption.
This does not cause a significant change in the simulated
frequency distribution of CAPE (Fig. 1c), except for a
slight increase in the frequency of the highest CAPE
events. In another experiment, the convective downdraft
is eliminated, and the removal of additional cooling and
drying in the boundary layer results in substantially
more cases with higher CAPE (Fig. 1d). This suggests
that the CAPE distribution is sensitive to the presence
or absence of fundamental convective processes in the
parameterization but is not strongly influenced by details
of uncertain aspects of the parameterization.

Both experiments also reproduced the observed linear
relationship between CAPE and the surface wet-bulb
potential temperature. The simulated dCAPE/dQw av-
eraged over grid points corresponding to the 12 stations
in AMEX (Williams and Renno 1993) are 1072 J kg21

8C21 and 1091 J kg21 8C21, respectively, which are only
marginally different from that in the control run. The
success of the GCM’s simulations of the CAPE fre-
quency distribution and the dependence of CAPE on Qw

in the current climate suggest that CAPE is realistically
determined in the GISS GCM in a statistical sense and
that simulations of climate change in CAPE may have
some degree of credibility. The insensitivity of dCAPE/
dQw to changes in the convective downdraft and cu-
mulus mass flux magnitude indicates that the prediction
of climate change in CAPE may not strongly depend
on the details of the convection parameterization.

The CAPE values in Figs. 1a,b are somewhat larger
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FIG. 3. Change of CAPE (J kg21) vs change of Qw (1021 8C) for each GCM time step (a) due
to all the physics, (b) due to surface evaporation only, (c) due to moist convection only, and (d)
due to large-scale dynamics only.

than some estimates because parcels are assumed to
originate from the surface, where Qw is a maximum. In
some cases convective parcels originate with the ther-
modynamic properties of the mixed layer. Figure 1e
shows the CAPE distribution simulated by the GCM for
parcels lifted from the first model layer (which is ac-
tually used by the parameterization to assess instability).
The resulting CAPE values are significantly lower. If
CAPE is calculated using the reversible moist adiabatic
process (Fig. 1f), CAPE values further decrease greatly,
and they are more characteristic of the quasi-equilibrium
behavior of the model atmosphere. The change of the
parcel originating level from surface to the first model
layer also decreases the simulated dCAPE/dQw to about
two-thirds of the value calculated by lifting parcels from
the surface.

To understand the linear relationship between instan-
taneous CAPE and Qw changes, we use the model to
isolate the effect of the most important individual phys-
ical processes (e.g., surface evaporation, convection,
and large-scale dynamics and compensating subsidence
in neighboring grid points; the radiative effect is neg-
ligible on short timescales). We partition the total
change of CAPE and Qw at each physics time step (1

h) into contributions from the individual physical pro-
cesses and then linearly regress each categorized d-
CAPE with the corresponding dQw. Here, the prefix d
denotes change due to a certain physical process. Sur-
face Qw is only updated once each hour as a result of
the cumulative effect of all processes; we therefore use
boundary layer (level 1) Qw, whose increments due to
each process are computed separately, as a proxy to
estimate the individual process contributions.

Figure 3a shows the linear relationship involved with
all processes in the tropical Pacific (1108–1808E, 268S–
268N); the linear pattern is similar to that observed in
Darwin (Williams and Renno 1993). Figure 3b shows
the correlation of dCAPE and dQw due to surface evap-
oration; the almost perfect linear relationship and the
similarity of the slopes in Figs. 3a and 3b suggest that
the part of the linear behavior of the CAPE–Qw rela-
tionship associated with Qw increases primarily origi-
nates from the effect of surface evaporation. Sensitivity
tests with a fixed typical temperature profile in the Trop-
ics confirm that CAPE varies almost linearly with Qw

when we modify the moisture content in the boundary
layer. This result indicates that at least over the tropical
oceans CAPE change is mostly determined by moisture
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FIG. 4. (a) The dCAPE/dQw as a function of latitude observed in
AMEX, adapted from Williams (1994). (b) The dCAPE/dQw as a
function of latitude simulated by the GISS GCM with the prescribed
SST in January 1985.

changes in the boundary layer, while the change in tem-
perature lapse rate may only play a secondary role on
very short (,1 h) timescales.

The effect of convection is to dry the boundary layer
and heat the free troposphere above it through com-
pensating subsidence in the regions surrounding cu-
mulus updrafts (Yanai et al. 1973) and downdrafts ad-
jacent to the updrafts (Fitzjarrald and Garstang 1981).
The drying effect decreases Qw, while the warming
above the boundary layer increases temperature in the
environment of the clouds—that is, both changes of
temperature and moisture cooperate to reduce CAPE.
This effect of moist convection is shown in Fig. 3c,
where almost all points lie in the quadrant with negative
values of dCAPE and dQw. A fairly linear relationship
between dCAPE and dQw exists in Fig. 3c, although the
linearity is not as good as that related to surface evap-
oration. Combined with Fig. 3b, it is apparent that the
combined effects of evaporation and convection are re-
sponsible for the linear behavior in Fig. 3a. The scatter
in Fig. 3c occurs because moist convection originates
from and detrains at different levels and because con-
vective heating and drying modifies the free tropo-
sphere.

The contribution of large-scale dynamics degrades the
apparent linear relationship (Fig. 3d). We find that
dCAPE and dQw are almost uncorrelated with each oth-
er, and the variability is small in Qw but large in CAPE.
A possible reason for this behavior is the vertical vari-
ation of the large-scale vertical velocity and associated
heat and moisture transport. The vertical velocity of the
large-scale flow usually increases upward from almost
zero near the surface and peaks in the middle tropo-
sphere (Thompson et al. 1979). Near the surface, be-
cause of the weak vertical motion, the variation of Qw

due to dynamics is small, while in the middle tropo-
sphere large-scale adiabatic cooling or warming controls
the lapse rate and thus CAPE.

3. Dependence of the CAPE–Qw relation on
monthly mean Qw

During AMEX, dCAPE/dQw was also found to de-
crease away from the equator (Williams 1994) at the
rate of 47 J kg21 8C21 lat21 (lat21 denotes per degree in
latitude) (Fig. 4a). The GCM simulated change with
latitude is about 28 J kg21 8C21 lat21 (Fig. 4b). Consid-
ering the errors in regression of 12 J kg21 8C21 lat21

implied in the observations and 4 J kg21 8C21 lat21 in
the GCM simulation, the GCM is marginally consistent
with the observations. The finite disagreement may be
due to either the sparse observational sampling in space
or the coarse GCM resolution, which cannot resolve
either latitudinal SST variations on scales less than 48
or the detailed structure of the trade inversion in the
descending regions of the Hadley and Walker cells.

The spatial variation of dCAPE/dQw suggests that the
relationship between CAPE and Qw is not universal in

space and time but should instead depend on the mean
background conditions. Figures 5a and 5b show the geo-
graphical distribution of the zero CAPE intercept Qw0

(the extrapolation of the CAPE–Qw regression to zero
CAPE) and dCAPE/dQw. Hourly moisture and temper-
ature for each GCM grid in January 1985 are used to
perform a linear regression to derive local dCAPE/dQw

and Qw0. The similarity between their patterns and those
of SST and deep convective clouds (Fu et al. 1994)
hints at the controlling effects of surface temperature
and convection on the variations of CAPE’s dependence
on Qw. Higher zero CAPE intercept values Qw0 are con-
centrated in the western Pacific (Fig. 5a), which means
that boundary layer air must be warmer and wetter more
in the western Pacific than in the subtropics or eastern
Pacific in order to create conditional instability. This
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FIG. 5. (a) Geographical distribution of zero CAPE intercept Qw0 (8C) and (b) dCAPE/dQw (J
kg21 8C21) simulated with the prescribed SST in January 1985.

phenomenon can be understood with the help of a sim-
plified two-layer atmospheric model, which consists of
a boundary layer and a trade inversion layer above it.
If we use Q1e and to denote the equivalent potentialQ*2e

temperature and saturated equivalent potential temper-
ature in the first and second layer, respectively, the moist
convection instability criterion

Q1e . Q*2e

must be satisfied for CAPE to exist. In a warmer en-
vironment like the western Pacific where the tempera-
ture in the lower troposphere is higher, there is usually
a slightly higher simply because monotonicallyQ* Q*2e 2e

increases with temperature (Fu 1991). Thus, Q1e has to
be higher for the boundary layer to be convective, im-
plying a higher threshold wet-bulb potential temperature
Qw0.

Figure 5b shows that CAPE’s sensitivity to Qw in a
warmer environment is also higher than in a colder one.

This is probably associated with the fact that the level
of neutral buoyancy (LNB) is systematically lower in
the subtropics and eastern Pacific than in the western
Pacific because of the cooler SSTs (Fu et al. 1994).
Although observations suggest that the level of free con-
vection (LFC) is more variable in space than LNB, the
geographical variation of LFC in the GCM is less than
that of LNB, probably because of the coarse vertical
resolution, which limits our ability to resolve the trade
inversion. Since dCAPE is the vertical integral of buoy-
ancy change between the LFC and LNB and geographic
variations of parcel buoyancy at different altitudes
above the boundary layer are small, the higher vanishing
buoyancy level in the warmer environment implies a
broader integral range and thus a larger value of dCAPE
for the same dQw.

The aforementioned geographic distribution of Qw0

and dCAPE/dQw simulated by the GCM cannot be fully
validated from the observations, but we indeed find that
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TABLE 2. (a) Climate change in CAPE (J kg21) for a 28C increase
in SST over the tropical Pacific (1108E–758W, 268S–268N) in July.
(b) Climate change in CAPE (J kg21) for a 28C decrease in SST over
the tropical Pacific (1108E–758W, 268S–268N) in July.

(a) SST12
Slope and intercept of CAPE vs uw are constant. 1800
Slope and intercept of CAPE vs uw are temperature

dependent. 1045
aPrediction 202
GCM simulation with uniform DSST 220
GCM simulation with weakened SST gradient 174

(b) SST22
Slope and intercept of CAPE vs uw are constant. 21970
Slope and intercept of CAPE vs uw are temperature

dependent. 2848
aPrediction 2110
GCM simulation with uniform DSST 2189
GCM simulation with strengthened SST gradient 2101

a CAPE is predicted by assuming constant relative humidity and
temperature change according to the temperature change of a parcel
with 80% relative humidity lifted from surface.

Qw0 and dCAPE/dQw for most stations examined by
Williams and Renno (1993) tend to positively correlate
with surface temperature. To quantify the correlation
simulated by the GCM, we linearly regress dCAPE/dQw

and Qw0 at each grid point with its local monthly mean
surface wet-bulb potential temperature Qw, where the
overbar denotes a monthly average. Model values used
in this regression are taken from the tropical Pacific
(268S–268N, 1108E–758W) in January 1985. The linear
regression yields the fit

Q 5 0.78Q 1 3.23 and (1)w0 w

K 5 184.0Q 2 3281.8, (2)w

where K 5 dCAPE/dQw. The linear correlation coef-
ficients for Qw0 and K are 0.85 and 0.7, respectively.
The linear relationship (cf. Fig. 2) between instanta-
neous CAPE and Qw can thus be expressed as

CAPE 5 K(Qw)[Qw 2 Qw0(Qw)]. (3)

Averaging (3) over time, we obtain the relationship be-
tween monthly mean CAPE and Qw:

CAPE 5 K(Qw)[Qw 2 Qw0(Qw)]. (4)

It is clear from (4) that on the monthly timescale CAPE
nonlinearly depends on surface Qw.

4. Prediction of climate change in CAPE based on
CAPE variability

One possible application of the relationships dis-
cussed above is to diagnose the climate change in CAPE.
This idea was suggested by Williams (1992) in studying
the global electrical circuit. He suggested that since
lightning nonlinearly depends on CAPE and CAPE lin-
early varies with surface temperature, a slight variation
in surface temperature can generate a finite response of
lightning activity, which can be detected more easily.
However, whether the linear relationship observed cur-
rently on short timescales can be extrapolated to a cli-
mate change timescale is questionable.

The simplest way to predict the change of CAPE in
response to a climate change is to assume that the linear
relationship between CAPE and Qw, which is realistic
locally and on short timescales, is valid and uniform in
space and time. If we use the observations (Williams
and Renno 1993)—that is, dCAPE/dQw 5 1000 J kg21

8C21 and Qw0 5 228C, a 28C uniform increase in surface
temperature would result in an 1800 J kg21 increase in
CAPE (Table 2a), which is equivalent to about a 30 m
s21 increase in vertical velocity if the energy conversion
efficiency is 100%. This is a dramatic change of con-
vective instability; the atmosphere could not be expected
to maintain such an excessive amount of CAPE given
the quasi-equilibrium behavior of the current climate
(Arakawa and Schubert 1974). If instead we use (4),
then when Qw increases both dCAPE/dQw and Qw0 in-
crease too. The higher value of dCAPE/Qw leads to a

faster increase in CAPE when Qw rises, but this trend
is counteracted by the increase of Qw0, which raises the
threshold for the production of CAPE and effectively
reduces the rate of CAPE increase. Table 2a lists the
basinwide CAPE changes in the tropical Pacific derived
from this alternative empirical relation and those that
were actually realized in a GCM simulation in response
to a 28C increase in SST. It is obvious that even taking
into account the temperature dependence of dCAPE/
dQw and Qw0 based on their geographical variability
[Eqs. (1), (2), and (4)], the estimated 1045 J kg21 in-
crease in CAPE is still much larger than the GCM-
realized 220 J kg21 increase.

In the above discussion, CAPE is estimated by raising
parcels from the surface. If parcels are lifted from the
first model layer, the simulated dCAPE/dQw is reduced
to about 700 J kg21 8C21 and the predicted CAPE in-
crease for the SST 12 climate (assuming constant slope
and intercept) is 1260 J kg21, which still overestimates
the climate change in CAPE. However, the change of
parcel originating level hardly changes the prediction
of CAPE change realized by the GCM because CAPEs
decrease by a similar amount for the different climates
in response to the change of parcel origin level. To
understand the failure to predict climatic change in
CAPE based on its variability in the current climate,
consider the variations of thermodynamic properties of
the tropical atmosphere in the current climate and in a
climate change. In the current climate, CAPE increase
on short timescales is either due to an increase of lapse
rate because of the concentration of solar heating near
the surface or to boundary layer moistening processes
(surface evaporation or low-level moisture conver-
gence). In the extreme case that temperature and specific
humidity change only in the boundary layer, the sen-
sitivity of CAPE to Qw is about 1700 J kg21 8C21 at
constant relative humidity. Thus, it is not surprising that
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a prediction based on the CAPE–Qw relationship on
short timescales, which is mostly controlled by surface
fluxes in this GCM, results in an overestimated increase
in CAPE for a global 28C rise in SST.

The overprediction of CAPE increase based on the
wet-bulb potential temperature dependence of the CAPE
versus Qw relation also suggests that the geographical
variability of CAPE is different from the temporal
change of basinwide CAPE on climatic timescales. In
the current climate, CAPE differences from one location
to another are dominated by differences in boundary
layer temperature and moisture, which in turn are con-
trolled largely by SST and large-scale motions (Fu et
al. 1994). Thermodynamic structure differences in the
middle and upper troposphere are much smaller because
the adiabatic cooling and warming in the rising and
sinking branches of the Walker and Hadley circulations
efficiently smooth out such variations, given the long
dissipation time of the tropical atmosphere (Gill 1980).
If an approximate seasonal tropical average variability
of CAPE is extrapolated to predict climate change in
CAPE, a 28C increase in SST implies an almost 800 J
kg21 increase in CAPE (Williams 1994), which is much
larger than the GCM-realized climate change CAPE in-
crease but slightly less than that predicted from the geo-
graphic variation of CAPE. The seasonal sensitivity of
CAPE to Qw is roughly estimated by assuming a uniform
increase in temperature through the depth of the tro-
posphere (Williams 1994). In this case, the temporal
increase of CAPE is mainly due to the increase of SST,
which enhances the local evaporation to moisten the
boundary layer. Temperature lapse rate hardly changes
and thus has little contribution to CAPE change because
the seasonal migration of the large-scale circulation acts
to suppress temperature variations in the mid- and upper
troposphere through adiabatic cooling and warming.

In a forced global climate change, the mean state of
the atmosphere evolves from one radiative–convective
equilibrium to another, and simulated changes in the
Hadley and Walker cells are modest relative to current
climate variability. To the extent that the tropical tem-
perature profile is constrained by the moist adiabatic
lapse rate (Manabe et al. 1965; Betts 1982; Xu and
Emanuel 1989), and the moist adiabatic lapse rate de-
creases if the atmosphere becomes warmer, the greater
warming of the atmosphere with height means that the
change of lapse rate has a negative contribution to CAPE
change compared to the case with a constant temperature
change with height. Thus, the most prominent difference
between CAPE change in the current climate and that
associated with a climate change lies in the way the
lapse rate changes, and because of the negative feedback
of lapse rate on CAPE, increase in CAPE in a warmer
climate (as realized in the GISS GCM) is much smaller
than the prediction inferred from the current climate
variability.

In view of the failure of the empirical relationship
between CAPE and Qw in the current climate to predict

climatic change in CAPE, we assume instead that the
temperature change between two different climate re-
gimes is according to the moist adiabatic lapse rate
change as a consequence of quasi-equilibrium. Our al-
gorithm to predict the CAPE in a warmer/colder climate
is defined as follows.

1) Surface temperatures in the current and warmer/
colder climates are used and 80% surface relative
humidity is assumed to compute vertical profiles of
temperature in each climate by raising parcels from
the surface. Above the lifting condensation level, the
parcels follow the reversible moist adiabat. The dif-
ference between the parcel temperatures is comput-
ed.

2) Assuming that the temperature change from the cur-
rent climate to the warmer/colder climate is equal to
the parcel temperature difference computed in step
1, we add this difference to the temperature of the
current climate at each level to get the temperature
profile approximation for the changed climate.

3) Steps 1 and 2 are applied only up to 300 mb. Above
this level, temperature change is less than that pre-
dicted from the moist adiabat because in this GCM
the cumulus mass flux decreases significantly above
300 mb and thus does not control temperature to the
same extent. For simplicity, temperature change
above 300 mb is assumed to equal that at 300 mb;
this is a good approximation to the temperature
change realized by the GCM at these levels.

4) A surprising feature of the tropical maritime water
vapor distribution in the GCM is that while the ab-
solute water vapor amount varies significantly in the
atmosphere, relative humidity remains fairly con-
stant on climatic timescales. Especially in the bound-
ary layer, model results consistently indicate that rel-
ative humidity does not vary significantly in re-
sponse to temperature changes of a few degrees
(Betts and Ridgway 1989; Del Genio et al. 1991);
this is consistent with observations (Oort 1983; Rind
et al. 1991). Thus, we assume that relative humidity
is invariant and the problem of predicting CAPE
change is thus simplified to predicting temperature
variation in a climate change. Later we will show
that the neglect of relative humidity change causes
a certain amount of error in predicting local CAPE
changes, but that the assumption works well on the
scale of the Hadley cell.

To test the accuracy of our CAPE prediction, we com-
pare a GCM perpetual July simulation of the current
climate with perturbation experiments in which globally
uniform SST increases and decreases of 28C are im-
posed. Figure 6a shows the predicted buoyancy profile
for the SST 12 climate averaged over the tropical Pa-
cific (268S–268N, 1108E–758W); we find that the pre-
diction agrees well with that simulated by the model.
Figure 6b shows that predicted monthly CAPE agrees
well with simulated CAPE in individual grid boxes.
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FIG. 6. (a) July monthly mean vertical profiles of parcel buoyancy
simulated (solid line) and predicted (dashed line) during deep con-
vection in the tropical Pacific (1108E–758W, 268S–268N) for the SST
12 climate. (b) Predicted July monthly mean CAPE (J kg21) in the
tropical Pacific vs July monthly mean CAPE (J kg21) simulated by
the GISS GCM at individual grid points for the SST 12 climate.

Figure 7a shows the mean buoyancy changes over the
tropical Pacific predicted and simulated for the SST 12
climate relative to the current climate. Relative to the
buoyancy in the current climate, that realized by the
GCM in the SST 12 climate increases little below 300
mb because the temperature change approximately fol-
lows the moist adiabatic lapse rate and thus no additional
buoyancy is realized by an adiabatically rising parcel.
The maximum increase at 200 mb occurs because con-
vective cloud-top height increases in the warmer climate
as a result of warmer surface air and a higher LNB. The

increase of cloud height is largely determined by the
increase of saturation specific humidity in a warmer
climate; the decrease of the moist adiabatic lapse rate
tends to depress cloud top, but its effect is dominated
by the change in humidity (Del Genio 1993).

In Fig. 7b the GCM simulated buoyancy change in
the SST 12 climate is partitioned into contributions
from parcel temperature change relative to that achieved
by lifting the environmental air with the assumed 80%
relative humidity, the change in the virtual effect of
moist air and a residual due to other processes. The
contribution from parcel temperature change is slightly
negative because the parcel’s relative humidity is slight-
ly less than 80% at the surface and thus its lifting con-
densation level is higher and colder than that of envi-
ronmental air with 80% relative humidity. The contri-
bution of the virtual effect is positive as a result of
warmer and wetter near-surface air in the SST 12 cli-
mate. The positive residual contribution is from en-
hanced radiative and evaporative cooling, changes in
relative humidity and dry convection, and deviations of
parameterized moist convection from purely moist ad-
iabatic behavior.

To further quantify nonconvective effects, we start
from the energy budget equation to derive an expression
for changes in lapse rate:

]T ]T va
5 2V ·= T 2 v 1 1 Q 2 E 2 R. (5)h]t ]p Cp

In (5) Q, E, and R represent condensation heating, evap-
orative cooling, and radiative cooling, respectively, and
the other symbols have their conventional meanings.
Since temperature tendency and large-scale horizontal
advection are negligible in the Tropics, if the equation
is averaged over time and the basinwide area, the equa-
tion reduces to

]T 1 a
ù (Q 2 E 2 R) 1 . (6)

]p v Cp

We let G denote the lapse rate dT/dp and differentiate
the above equation to see the effect of a climate change,
giving

dG 1 d(Q 2 E 2 R)
5

dSST v dSST

dv da
2 (Q 2 E 2 R) 1 . (7)

2v dSST C dSSTp

For the GCM SST 12 climate change the second and
third terms on the right-hand side, averaged over the
tropical Pacific and a climatic timescale, are almost an
order of magnitude smaller than the first term in the
mid- and upper troposphere (Table 3). Thus, lapse rate
change on large time- and space scales is mainly de-
termined by changes in diabatic heating. In the tropical
convergence region where upward motion implies neg-
ative v, more convective heating will result in a less
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FIG. 7. (a) Changes in the vertical profiles of July monthly mean buoyancy during convection in the tropical Pacific (1108E–758W, 268S–
268N) for the SST 12 climate. The GISS GCM simulation is denoted by the solid line; the dashed line is for the prediction. (b) The vertical
profile of July monthly mean buoyancy change as shown in (a) simulated by the GISS GCM in the SST 12 climate (solid line) is partitioned
into different parts due to parcel temperature change (short dashed line with square), change in virtual effect (long dashed line with triangle),
and changes in other processes (dotted line with diamond). (c) As in (a) but for the SST 22 climate. (d) As in (b) but for the SST 22
climate.

TABLE 4. Changes in convective heating and radiative and evap-
orative cooling averaged between 786 and 201 mb over the tropical
Pacific (1108E–758W, 268S–268N) in July. (Unit: 8C day21.)

dQ dE dR dR/d(Q 1 E)

SST 12 2 current
SST 22 2 current

0.39
20.17

0.05
20.02

0.08
20.08

23%
53%

TABLE 3. Contributions of individual terms on the rhs of (7) to the
lapse rate change at 321 mb over the tropical Pacific (268S–268N,
1108E–758W) in July. (Unit: 31023 8C mb21)

d(Q 2 E 2 R)/v
2(Q 2 E 2 R)

dv/v2 da/Cp

SST 12
SST 22

219.0
7.6

0.4
22.1

4.3
24.1

steep temperature lapse rate, and more radiative and
evaporative cooling will produce a steeper lapse rate.
Examination of the energy budgets shows that convec-
tive heating, evaporative cooling, and radiative cooling
are all enhanced in the SST 12 climate (Table 4). Thus,
if radiative and evaporative cooling (about 30% of con-
vective heating) are included, the lapse rate should be
steeper than what is predicted from the moist adiabatic
assumption. Consequently, the predicted CAPE increase
for the SST 12 climate is slightly less than what is
actually simulated (Fig. 7a). Note that the balance in
Table 3 is very different from that which occurs in gen-
eral on synoptic time- or space scales; on such scales,
changes in vertical motion are large enough to offset

the effects of diabatic heating changes—that is, the sec-
ond term in (7) is of leading order, and horizontal ad-
vection may play a role as well.

We also used the same method to predict CAPE
change in response to a 28C decrease in SST. The afore-
mentioned method is unable to predict the correct buoy-
ancy change in the upper troposphere (Fig. 7c), and the
predicted CAPE decrease is much smaller than the
GCM-simulated CAPE decrease (Table 2b). The reason
is that temperature structure is controlled less by moist
convection in a colder climate than in a warmer climate.
To understand why the prediction overestimates the sim-
ulated lapse rate in the SST 22 climate, note that latent
heat release is smaller in a colder and drier climate, the
result being that dynamic heating terms in (7) become
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FIG. 8. Geographical distributions of CAPE change (J kg21) in July for the SST 12 climate
simulated by the GISS GCM in response to a uniform 28C increase in SST. CAPE is computed
from three different microphysical assumptions: (a) pseudoadiabatic ascent without ice freezing,
(b) reversible ascent without ice freezing, and (c) reversible ascent with ice freezing when tem-
perature is below 2108C.

comparable to the diabatic heating term (Table 3) in
determining lapse rate change. In the tropical conver-
gence region, the second and third terms in (7) represent
the contributions from the change of large-scale adia-
batic cooling due to the change in vertical motion and
thermal expansion. Weakened adiabatic cooling in the
SST 22 climate decreases lapse rate and thus opposes
the increasing lapse rate tendency due to the decreasing
convective heating. This result suggests that the moist
adiabatic assumption is not symmetrically applicable to
a warmer and colder climate. In a warmer regime moist

convection primarily determines the temperature struc-
ture, but when the climate becomes colder the effect of
moist convection diminishes, while the large-scale dy-
namics becomes relatively important. Furthermore,
changes in radiative cooling, which are of comparable
magnitude but opposite sign in a warmer/colder climate,
make up a larger fraction of the total diabatic heating
change in the cooler climate (Table 4).

Figure 8 shows the geographical distributions of sim-
ulated changes of CAPE for the SST 12 climate relative
to the current climate. To test whether the sign of the
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FIG. 9. Scatterplots of changes of CAPE (J kg21) during deep
convection over the tropical Pacific (1108E–758W, 268S–268N) on the
scale of 48 3 58 simulated by the GISS GCM against prediction.
CAPE changes are computed for July convection events in the current
and SST 12 climates: (a) pseudoadiabatic without ice, (b) reversible
without ice, and (c) reversible with ice freezing when temperature is
below 2108C.

change depends on water loading and condensate phase,
we compute CAPE using three different microphysical
assumptions about the role of liquid condensate in cloud
virtual temperature—that is, that the parcel follows a
pseudoadiabat without ice, a reversible moist adiabat
without ice and a reversible moist adiabat with ice freez-
ing when the temperature is below 2108C. With the first
and the third assumptions, CAPE increases by almost
200 J kg21 in most regions, and it increases by more
than 100 J kg21 with the second assumption. Lifting the
parcel from the planetary boundary layer (PBL) instead
of from the surface gives similar results. This suggests
that no matter what definition of CAPE is used, the
environment of a warmer climate is slightly more un-
stable than that of the current climate. In terms of cu-
mulus intensity, the CAPE increases estimated above
would result in a 10%–15% increase in the updraft ve-
locity of an undilute parcel.

Figure 9 shows scatterplots of predicted and simu-
lated CAPE change (dCAPE) at each individual grid
point under different microphysical assumptions. It is
obvious that although the predicted basinwide CAPE
change agrees well with the GCM simulation (Table 2a),
our scheme cannot predict correct local CAPE changes.
One common feature in these figures is that the GCM-
realized CAPE changes vary greatly among different
locations, whereas the predicted CAPE changes con-
centrate around a narrow range. The most important
cause of the lack of spatial variability in predicted
dCAPE is our constant relative humidity assumption,
which neglects 1%–2% relative humidity changes in the
boundary layer that occur in the GCM in response to
small changes in the tropical general circulation as the
climate changes. To quantify this error, we recalculate
our CAPE prediction in the SST 12 climate using the
actual relative humidity change at each grid point, while
temperature change is still obtained from the moist adia-
batic assumption. Figure 10a shows that when the actual
relative humidity change is used, dCAPE can be fairly
well predicted in both its basinwide mean and the spatial
distribution. We also computed CAPE changes with the
actual temperature change in the SST 12 climate and
the relative humidity in the current climate; the situation
is only slightly improved, which indicates that the moist
adiabatic lapse rate assumption is fairly reliable in the
Tropics. Correlations between boundary layer relative
humidity, surface convergence, and evaporation suggest
that the 1%–2% changes in local relative humidity are
more closely related to the change in surface conver-
gence (Figs. 10b,c). This suggests that the spatial vari-
ability of CAPE change is primarily dynamics driven;
surface evaporation is the ultimate moisture source, but
it does not directly control the local moisture change in
most regions.

The effects of dynamics on CAPE change depend on
scale. If one is only interested in the global mean change
of CAPE, the effect of dynamics is reduced since the
averaged moisture convergence disappears and the ther-

modynamic conditions are mainly determined by radi-
ative–convective equilibrium. If one’s interest lies in the
tropical regions, motions on the scale of the Hadley and
Walker circulations should be taken into account. To see
the scale dependence of the prediction, we averaged
temperature and moisture profiles on different horizon-
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FIG. 10. (a) As in Fig. 9a except that the actual relative humidity
in the SST 12 climate is used in the prediction of CAPE. (b) Changes
in surface relative humidity (%) vs changes in surface convergence
(0.1 3 1026 s21) in the tropical Pacific (1108E–758W, 268S–268N) in
response to a uniform 28C increase in SST. (c) As in (b) except for
changes in relative humidity (%) vs changes in surface evaporation
expressed as latent heat flux (W m22).

FIG. 11. Scatterplots of predicted changes in CAPE (J kg21) vs
simulated changes in CAPE on two different spatial scales: (a) the
tropical Pacific is divided into the western (1108E–1708W) and eastern
(1708–908W) Pacific; (b) on the scale of 128 3 158.

tal scales from the original gridpoint profiles obtained
from the GCM. Table 2 shows that the predicted CAPE
change averaged over the tropical Pacific agrees closely
with the simulation by the GCM; the prediction is only
slightly smaller for reasons we have addressed before.
This suggests that climate changes in the Hadley and
Walker cells have little effect on the mean conditional
instability over their entire domain. In Fig. 11a, the
tropical Pacific (1108E–908W, 228S–228N) is further di-
vided into the western (1108E–1708W) and eastern
(1708–908W) Pacific, and CAPE changes calculated in
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each part of the ocean are found to agree well with the
simulated values. Given that the prediction is good at
the largest scales but is poor at scales of about 500 km
(see Fig. 9a), a typical scale of larger cloud clusters, it
is interesting to determine the scale at which the tran-
sition in prediction accuracy occurs. Figure 11b shows
a scatterplot of predicted versus realized CAPE change
on scales of 1500 km, approximately the equatorial
Rossby radius of deformation and a characteristic scale
for the growth of tropical easterly waves. On this scale
there is significant scatter, but a correlation between
predicted and realized CAPE change is still evident.
This suggests that if one wants to predict the change in
convective instability on synoptic or smaller scales in
a warmer climate, it is necessary to know how the trop-
ical wave characteristics change—for example, fre-
quency, wavelength, track, and transports of heat and
moisture.

To this point, we have examined an idealized warmer
climate with uniformly increased SST; however, there
are several reasons to believe that the rise of SST in a
climate change may not be longitudinally symmetric. 1)
The west Pacific may warm less than the east Pacific
because deep convective clouds and their associated an-
vils over the warm pool have higher albedo and reflect
more solar radiation to cool the surface (Ramanathan
and Collins 1991). 2) The ocean mixed layer becomes
shallower as one moves eastward across the tropical
Pacific, implying a shorter response time and thus larger
transient response to climate forcings in the east Pacific.
3) Increases in surface evaporative cooling may be
greater in the warm pool (Knutson and Manabe 1995).
4) The drier east Pacific boundary layer may experience
a larger increase in downward longwave flux than the
more opaque west Pacific boundary layer. On the other
hand, ocean models coupled to simple atmospheres sug-
gest that increased cooling by east Pacific Ocean up-
welling may increase the longitudinal SST gradient in-
stead (Clement et al. 1996). The change of the large-
scale circulations in different scenarios of SST change
are expected to be quite different since longitudinal cir-
culations are thermally driven by the SST gradient
(Lindzen and Nigam 1987). To see whether the results
on climate change presented previously are dependent
on changes in SST patterns, we conducted a sensitivity
test to partially simulate these effects. For simplicity,
SST outside the tropical Pacific was set to be uniformly
28C higher or lower, but inside the SST was modified
unevenly at each latitude (F) and longitude (l) ac-
cording to the following parameterization:

dSST(l, F) 5 [SSTmax(F) 2 SST(l, F)]a, (8)

where SSTmax is the maximum SST at a given latitude
across the Pacific. The magnitude of the perturbation in
SST given by (8) is proportional to the difference rel-
ative to the maximum SST at the same latitude, so that
the longitudinal SST gradient is weakened in the SST
12 experiment but strengthened in the SST 22 exper-

iment. The coefficient a is determined by the closure
assumption that the mean SST change averaged over
each latitude in the tropical Pacific is 628C, which is
the same as outside the tropical Pacific. This makes the
zonal mean meridional SST gradient independent on
how the SST within the region of interest is modified.
Figure 12 shows the resulting SST distributions for the
warmer climate assuming uniform and nonuniform per-
turbations; it is obvious that the strong gradient of SST
from west to east has been greatly reduced in the latter
scenario.

The effects of the weakened SST gradient on the cir-
culation field are shown in Fig. 13a. Relative to the
current climate regime with strong zonal SST gradient,
there is a westerly/easterly anomaly in the lower-upper-
tropospheric wind field associated with the weaker SST
gradient. The weaker Walker circulation also affects the
boundary layer moisture field. Comparing the spatial
distribution of relative humidity and surface conver-
gence (Figs. 13b,c), we find that in areas with SST .
278–288C, regions with decreasing relative humidity
correlate fairly well with decreasing surface conver-
gence. The negative relative humidity change in the
cooler eastern Pacific, despite increased convergence in
part of the region, is mainly caused by the weakened
surface wind, which suppresses the increase of surface
evaporation, so that specific humidity increases less than
the imposed increase in saturation specific humidity.
The weaker surface convergence on either side of the
equator is probably a result of the weaker Walker cir-
culation in the intertropical and South Pacific conver-
gence zones in response to a weaker longitudinal SST
gradient. The different regional pattern of relative hu-
midity change (relative to the uniform SST 12 case)
results in different local CAPE changes, but averaged
over the basin, the CAPE change is only slightly smaller
than that for a uniform increase in SST (Table 2a). The
weakened west Pacific moisture convergence in the re-
duced gradient scenario has a larger effect on the ra-
diative properties of parameterized cumulus anvils, re-
sulting in significantly higher climate sensitivity of top-
of-the-atmosphere radiative fluxes (Del Genio et al.
1996).

The effect of SST pattern on CAPE is another ex-
ample of differences between warm and cold climate
perturbations. For a 28C SST decrease, a scenario with
strengthened SST gradient exhibits a much smaller
CAPE change than a scenario of uniform cooling (Table
2b).

5. Discussion

Since the climate sensitivity of CAPE to surface tem-
perature is only about 50–100 J kg21 8C21, an order of
magnitude smaller than the observed sensitivity to vari-
ations in the current climate, it is not obvious that the
small anthropogenic greenhouse signal in surface tem-
perature will be magnified by the lightning rate suffi-
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FIG. 12. Geographical distributions of tropical Pacific SST (8C) for July for (a) a uniform 28C
increase in SST and (b) a nonuniform 28C increase in SST specified to weaken the longitudinal
gradient.

ciently to be detected in the global electrical circuit
(Williams 1992). The reported correlation between the
tropical average temperature and the magnetic field on
a timescale of several years (Williams 1992) may not
be properly applied to a multidecadal externally forced
climate change for the following reason: Interannual
variations of SST are not communicated efficiently to
higher levels; at and above the trade inversion, vertical
motions associated with tropical circulation anomalies
offset the effects of convective heating anomalies and
reduce thermodynamic structure changes there (Garcia
et al. 1986; Fu et al. 1996). On the other hand, long-
term forced climate changes drive the atmosphere to-
ward a new radiative–convective equilibrium in which
the Hadley and Walker cell changes (as simulated by
the GCM) are much weaker, so that an increase in con-
vection warms upper levels more than lower levels, lim-
iting CAPE change. However, lightning occurrence is a
very nonlinear function of convection intensity. Solo-
mon and Baker (1994) report a reversibly defined
threshold CAPE for lightning occurrence of about 400
J kg21. The GISS GCM simulation suggests that in the
current climate more than 50% of tropical Pacific grid
points have a reversibly defined CAPE around 300 J
kg21. If 100 J kg21 of CAPE due to a 28C increase in
SST is added to that for the current climate, then the

barrier for the occurrence of lightning can more fre-
quently be overcome to induce a jump in lightning fre-
quency. Over tropical oceans, the strongest 10% of cu-
mulus updrafts have a vertical velocity of at least 4 m
s21, and the threshold cumulus updraft velocity W for
lightning has been suggested to be 6–12 m s21 (Zipser
and Lutz 1994). If we assume as an upper limit that
CAPE increase in a warmer climate is effectively con-
verted into kinetic energy according to W 5 (2CAPE)1/

2, a 28C increase in SST implies a 4 m s21 increase in
the cumulus updraft velocity, which barely satisfies the
required additional kinetic energy to trigger lightning
activity. However, observed updraft speeds are substan-
tially less than the maximum theoretical value indicated
by observed values of CAPE; other factors such as the
shape of the buoyancy profile, boundary layer depth,
degree of convective inhibition near the surface, and
water loading may also affect updraft intensity (Lucas
et al. 1994a). It is therefore difficult to conclude that
increased lightning will necessarily accompany global
warming.

If the finite increase of CAPE in a warmer climate
produces stronger convective updrafts, this change has
several climatic implications. More water vapor or con-
densate might be transported upward and eventually de-
trained to form large-scale stratiform clouds, which have



AUGUST 1998 2013Y E E T A L .

FIG. 13. (a) Change in the vertical–longitudinal distribution of zonal wind (m s21) in the south-
eastern tropical Pacific (1758–758W, 08–68S) in response to a nonuniform 28C increase in SST. (b)
Geographical distribution of the change in surface relative humidity (%) in response to a non-
uniform 28C increase in SST. (c) As in (b) but for surface convergence (1026 s21).

large impacts on the radiation budget because of their
large horizontal cover and optical thickness. The evap-
oration of anvil clouds adds more water vapor to the
upper troposphere to enhance the clear-sky greenhouse
effect. Some convective updrafts will detrain at higher,
colder levels to form cirrus clouds with greater long-
wave cloud forcing.

However, whether the net vertical transport of mois-
ture by convection increases or not in a warmer climate
depends not only on the change of cumulus updraft
intensity but also on the changes in the fractional area
covered by active convection and in the vertical mois-

ture gradient because the moisture flux is proportional
to the product of all three parameters. Futhermore, the
net flux also depends on changes in the sedimentation
velocities of precipitation drops relative to the change
in updraft speed. In one possible scenario, even with
more intense cumulus updrafts in a warmer climate, the
more efficient release of latent heat and greater capa-
bility of cumulus convection to remove conditional in-
stability might lead to a smaller convective area. If this
tendency dominates that due to the increased updraft
velocity, or if raindrop fall speeds increase more than
the updraft velocity, then the moisture transport by con-
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vection could conceivably remain unchanged or even
decrease. In the GISS GCM, the fractional area of con-
vection is not predicted, but the cumulus mass flux—
which is proportional to the product of vertical velocity
and fractional area—is. The SST 12 climate change
experiments suggest an increase in deep cumulus mass
flux. The climate change experiments also indicate an
increase in the vertical moisture gradient (Del Genio et
al. 1991), which is consistent with the strong constraint
provided by the Clausius–Clapeyron equation. The net
result implied by the GISS GCM is that the more vig-
orous moist convection will enhance vertical moisture
exchange between the PBL and the upper troposphere
if the climate becomes warmer in the future. Below the
detrainment level, the increased cumulus mass flux and
moisture gradient produce increased cumulus subsi-
dence drying instead, although this is offset by increased
large-scale vertical advection to produce net moistening
at all levels.

In addition to the change in moisture budget caused
by cumulus convection in the upper troposphere, mi-
crophysical conditions and cloud radiative properties at
middle and upper levels may also be subject to the
change in CAPE because of the possible increase of
moisture source discussed above. In addition, the en-
hanced ability of stronger cumulus updrafts to vertically
advect larger cloud droplets with higher terminal ve-
locities may cause the particle size distribution and the
number density of cloud droplets to be different from
those in the current climate. This is important because
GISS GCM simulations indicate that changes in tropical
anvil clouds control the model’s climate sensitivity (Del
Genio et al. 1996).

If we assume for illustrative purposes that the shape
of the size distribution and the effective radius do not
change as CAPE changes in a warming climate, then
all the increased moisture goes to increase the number
density of cloud droplets. Cloud optical thickness t is
related to cloud water content m and effective radius re

according to

t ø 3mDz/2rre (9)

(Hansen and Travis 1974), where Dz is the physical
thickness of the cloud and r is the density of liquid
water. If we neglect the climatic variation of Dz, (9)
implies that t varies linearly with m. If we further as-
sume for simplicity that the cloud water content m is a
linear function of cumulus updraft velocity, then the
10% increase in vertical velocity derived from the 200
J kg21 increase in CAPE implies a similar fractional
change of optical thickness. For anvil clouds with op-
tical thickness t ; 20, a 10% increase implies Dt ;
2. On the other hand, if we assume that the number
density of cloud particles does not change in the future
climate, then the extra moisture is used instead to en-
large cloud droplets. Since re } m1/3 if number density
is constant, Eq. (9) then implies that the fractional
change of optical thickness t is two-thirds the fractional

change of m and thus vertical velocity. The correspond-
ing absolute change of t for anvil clouds is thus 1.3.
According to studies of the sensitivity of radiation bud-
get to cloud properties (Zhang et al. 1995; Rossow et
al. 1995), the corresponding net change in mean radi-
ation balance (Solar 1 IR) for Dt ; 1.3–2.0 would be
4.3–6.7 W m22, which is comparable in magnitude to
the 4 W m22 caused by a doubling of CO2.

The real world situation may fall between these two
simple extremes with the number density of cloud drop-
lets, shape of the size distribution, and the effective
mean radius all changing simultaneously. Furthermore,
the relationship between changes in updraft speed and
changes in detrainment of convective condensate is a
complex microphysical problem unlikely to exhibit the
simple linear behavior we have assumed in this example.
However, the calculations presented above give us a
crude estimate of the potential climate signal for such
changes and demonstrate that predicting the change in
CAPE and thus cumulus activity is important not only
for the hydrological cycle but also for cloud feedback
and overall climate sensitivity to external perturbations.
The example presented here suggests that a realistic
parameterization of the dependence of condensate de-
trainment on cumulus updraft intensity is among the
most important challenges for future climate GCM de-
velopment.
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